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Abstract 20 
Reservoirs that host CO2-H2S bearing gases provide a key insight into crustal redox reactions such as 21 
thermochemical sulphate reduction (TSR). Despite this, there remains a poor understanding of the extent, duration 22 
and the factors limiting this process on a reservoir scale. Here we show how a combination of petrography, fluid 23 
inclusion, rare earth element (REE) and carbon (δ13C), oxygen (δ18O) and sulphur (δ34S) stable isotope data can 24 
disentangle the fluid history of the world's largest CO2 accumulation, the LaBarge Field in Wyoming, USA. The 25 
carbonate hosted LaBarge Field was charged with oil around 80 Ma ago, which together with nodular anhydrite, 26 
represent the reactants for TSR. The nodules exhibit two distinct trends of evolution in δ13C with both δ34S and δ18O 27 
that may be coupled to two different processes. The first trend, was interpreted to reflect the coupled dissolution of 28 
anhydrite and reduction to elemental sulphur and the oxidation of organic compounds and associated precipitation of 29 
calcite during TSR. In contrast, the second trend was interpreted to be the result of the hydrothermal CO2 influx after 30 
the cessation of TSR. In addition, mass balance calculations were performed to estimate an approximate TSR 31 
reaction duration of 80 ka and to identify the availability of organic compounds as the limiting factor of the TSR 32 
process. Such an approach provides a tool for the prediction of TSR occurrence elsewhere and advancing our 33 
understanding of crustal fluid interactions. 34 
1 Introduction 35 
Study of fluid-fluid and fluid-rock interactions in gas reservoirs containing elevated concentrations of CO2-H2S not 36 
only assists in  understanding processes that control migration and accumulation of crustal fluids, but also the 37 
feasibility of CO2-H2S co-sequestration (Glezakou et al., 2012; Kaszuba et al., 2011; Knauss et al., 2005; Pearce et 38 
al., 2016; Williams & Paulo, 2002; Xiao et al., 2009; Zhang et al., 2011). In addition, the formation of H2S in natural 39 
gas reservoirs is of interest for drilling security and the estimation of gas degradation and presence of mineral 40 
deposits (e.g. Mississippi Valley-type deposits) (Piqué et al., 2009; Powell & MacQueen, 1984). However, sulphur 41 
cycling and redox reactions such as thermochemical sulphate reduction (TSR) are not well understood on a reservoir 42 
scale and only a few natural systems have been studied including the Khuff Formation, Saudi Arabia (Bildstein et 43 
al., 2001; Jenden et al., 2015; Worden et al., 1995, 2000; Worden & Smalgeoley, 1996), the Smackover Formation, 44 
USA (Claypool & Mancini, 1989; Heydari & Moore, 1989), Lower Saxony Basin, Germany (Biehl et al., 2016), 45 
Tarim and Sichuan Basin, China (Cai et al., 2001, 2003, 2004, 2009, 2010, 2013, 2016; Hao et al., 2015; Jiang et al., 46 
2014, 2015, Liu et al., 2013, 2014) and the Nisku Formation, Canada (Machel, 1987b, 1987a, 2001; Riciputi et al., 47 
1994). Since the reactions are difficult to simulate experimentally under reservoir conditions, due to their slow rates 48 
of reaction (Amrani et al., 2008; Anderson & Thom, 2008; Ding et al., 2008, 2009, Yue et al., 2005, 2006), natural 49 
CO2-H2S reservoirs form ideal natural analogues for CO2-H2S co-sequestration (Allis et al., 2001; Bickle et al., 50 
2013; Kaszuba et al., 2011).  51 
 52 
The LaBarge Field located in western Wyoming, USA hosts an estimated 4.7 x 1012 m3 (167 trillion cubic feet 53 
(TCF)) of gas (Stilwell, 1989), of which 66% is CO2, in the Mississippian-aged Madison Formation (Fig. 1). While 54 
the mineralogy, petrography and sequence stratigraphy of the Madison Formation in Wyoming has been studied 55 
comprehensively in the past (Budai & Cummings, 1987; Budai, 1985; Budai et al., 1984; Buoniconti, 2008; Katz, 56 
2008; Katz et al., 2007; Smith et al., 2004; Sonnenfeld, 1996b), there is a relative paucity of petrographic 57 
observations from the LaBarge Field. The gas forms a 250 m thick gas column and is the largest known natural CO2 58 
accumulation in the world (Allis et al., 2001; Lynds et al., 2010; Stilwell, 1989). Different sources for the CO2 and 59 
H2S at the LaBarge Field have been proposed including thermal degradation of hydrocarbons, breakdown of 60 
carbonates, volcanic gas migration and TSR (De Bruin, 2001; Huang et al., 2007; Stilwell, 1989). Thermochemical 61 
sulphate reduction (TSR) is a redox reaction where sulphate is reduced to form hydrogen sulphide and hydrocarbons 62 
are simultaneously oxidized to form carbon dioxide (Orr, 1974). The volume of CO2 in the LaBarge Field exceeds 63 
the volume of H2S by a factor >12, which makes TSR as a single source for CO2 unlikely given that TSR produces 64 
CO2 and H2S in a molar ratio less than 1:1 (Liu et al., 2013). Despite these numerous studies, it has so far been 65 
difficult to unambiguously determine the origin of these non- hydrocarbon gases in the field.  66 
This paper provides new insights into the timing, extent and duration of TSR at the LaBarge Field, which are crucial 67 
to improve the general understanding of TSR. The mineralogy and petrography of three drill cores from the Madison 68 
Formation will be presented as a precursor to a detailed geochemical characterization of different mineral phases in 69 
this formation. The geochemical assessment integrates rare earth element (REE), stable isotope and fluid inclusion 70 
analysis to provide new constraints on the sulphate source and the onset of TSR. It will be discussed how this 71 
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information can be used to estimate the duration of TSR at the LaBarge Field and elucidate the limiting factors 72 
during this process. The insights developed by this study may be used to better understand TSR, fluid-fluid and 73 
fluid-rock interactions in other systems that have experienced multiple contributions of exogenously sourced fluid. 74 
2 Tectonic and geological setting and burial history 75 
The LaBarge field is located at the north end of the Moxa Arch structure in Wyoming (USA), which is part of the 76 
Greater Green River Basin (Fig. 1). On the west side, the LaBarge Field is confined by an eastward plunging 77 
basement involved reverse fault (Dixon, 1982; Kraig et al., 1987; Stilwell, 1989) (Fig. 1b). The gas trapped in the 78 
LaBarge Field consists on average of 66% CO2, 21% CH4, 7% N2, 5% H2S and 0.6% He (Huang et al., 2007). The 79 
Madison Formation consists of alternating limestone and dolomite (Huang et al., 2007) and exhibits an average 80 
porosity of 8-10%, a permeability of 10 - 50 mD and a residual water saturation of 10% (Huang et al., 2007). The 81 
limestone and dolomite beds reach a maximum thicknesses of 20 m with dolomite slightly dominating in abundance 82 
over limestone. Except for micro-inclusions there is no primary anhydrite left, however, intercalated nodular calcite 83 
has been interpreted to represent a replacement of a former anhydrite phase (King et al., 2014; Thayer, 1983). These 84 
nodules occur in layers or as single nodules throughout the formation with a slight increase towards the bottom of 85 
the formation, but make up only around 0.2% of the total rock volume. Additional former evaporite beds are 86 
reported to have been dissolved, as evidenced by the presence of solution collapse breccias, but the volume of these 87 
features is more difficult to quantify (Budai & Cummings, 1987; Katz et al., 2006; Middleton, 1961; A. E. Roberts, 88 
1966; Smith et al., 2004; Thayer, 1983).  89 
 90 
The Moxa Arch is an anticline with a north-south oriented hinge line that borders the Wyoming fold and thrust belt 91 
to the west and the Rock Springs Uplift to the east. The anticline formed during the thick-skinned Laramide 92 
deformation from the Campanian until the Eocene (Becker & Lynds, 2012; Campbell-Stone et al., 2011; Kraig et al., 93 
1987). At the same time, the thin skinned Sevier fold and thrust belt migrated east towards the Moxa Arch 94 
(Blackstone, 1979; Dixon, 1982; Kraig et al., 1987; Nozaki et al., 1997; Wach, 1977). The most eastern thrust sheet, 95 
the Hogsback thrust, overruns the Moxa Arch at the LaBarge Field and displaces the sedimentary section that 96 
predates the Triassic (Becker & Lynds, 2012; Kraig et al., 1987). In the late Cretaceous (84 - 76 Ma) Laramide 97 
related burial drove the Permian Phosphoria Formation to depths sufficient for oil and gas generation. These fluids 98 
migrated down into the Madison Formation due to overpressure during maturation (Johnson, 2005) (Fig. 2). The 99 
Pennsylvanian Weber Sandstone Formation overlying the Madison Formation acted as a carrier bed during oil 100 
migration but its permeability decreased over time due to cement precipitation until it formed a good seal for fluids 101 
hosted in the Madison Formation (Johnson, 2005). A burial history for the Moxa arch region has been established at 102 
the Bruff field, 30 km south of LaBarge (Roberts et al., 2005). The burial history is characterized by variable 103 
sedimentation rates and erosional events at 92 Ma, 75 Ma, 66 Ma and 5 Ma until today (Roberts et al., 2005). The 104 
burial history of the LaBarge Field differs from the Bruff field by an additional 500 m of structural relief in Pliocene 105 
times. Maximum burial was reached at 5 Ma with a maximum burial temperature of approximately 215°C (Roberts 106 
et al., 2005), whereas the present day temperature of the Madison Formation is approximately 135°C. 107 
3 Samples and Method 108 
3.1 Samples 109 
 110 
Host rock limestone, dolomite, pyrite and calcite veins and nodules were sampled from three cores of the Madison 111 
Formation from the LaBarge field, located on the crest of the Moxa Arch or slightly off crest (Fig. 1 & 3). In total, 112 
20 samples were collected from drill core FC13-10, 12 samples from drill core FC15-28, and 7 samples from drill 113 
core LR8-11 (Fig. 1 & 3, Table 1). Drill core LR4-22 was not viewed but one sample of this drill core was available 114 
for analysis. The calcite veins and nodules were selected to represent different depths and nodule abundances of the 115 
drill cores. Pyrite was mainly found in drill cores FC15-28 and FC13-10 whereas LR8-11 only contained one 116 
location suitable for pyrite sampling. Additionally, two native sulphur samples were collected from drill core FC15-117 
28 and FC13-10. All samples were fist size pieces of drill core which were then cut for thin sections. Minerals were 118 
identified visually by a Nikon Eclipse LV100NPOL microscope and analytically by a JEOL 6400 scanning electron 119 
microscope (SEM) at the University of Manchester. The samples were then cut into smaller pieces of interest and 120 
crushed for further analytical measurements. The abundance of anhydrite for TSR has been estimated from calcite 121 
that replaced former anhydrite nodules through drill core logging and the amount of pyrite has also been estimated 122 
from drill core logging. 123 
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 124 
3.2 Stable isotopes 125 
 126 
Carbon (δ13C) and oxygen (δ18O) isotope measurements were performed on 32 calcite and dolomite samples on an 127 
Isoprime multiflow mass spectrometer at Lancaster University (Table 1). Dolomite samples were first added to 1 M 128 
HCl for one hour and rinsed with deionised water to remove any traces of calcite (De Groot, 2008). Following this, 129 
400 µg of sample powder were added to phosphoric acid to evolve CO2, which was subsequently analyzed. All data 130 
was corrected to PDB (Pee Dee Belemnite) using international standards LSVEC (δ13C -46.6‰, δ18O -26.7‰), NBS 131 
18 (δ13C -5.014‰, δ18O -23.2‰) and CO1 (δ13C +2.492‰, δ18O -2.4‰). Precision for five standard replicates (n=5, 132 
1 standard deviation (SD)) was <0.1‰ for carbon and oxygen isotopes. 133 
 134 
Additionally, 17 calcite nodules were analyzed for sulphur (δ34S) and oxygen (δ18O) isotopes in carbonate associated 135 
sulphate (CAS) (Table 1). A total of 900 mg of crushed sample were dissolved and re-precipitated as BaSO4 136 
following the filtration method of Wynn et al. (2008). Two samples (C7 & A3) did not yield the minimum of 250 µg 137 
and 350 µg of BaSO4 for the sulphur and oxygen isotope analyses respectively. One sample (C9) gave enough 138 
BaSO4 for sulphur isotope analysis but not for oxygen isotope analysis. The isotopic ratios were determined by 139 
continuous flow isotope ratio mass spectrometry using the Isoprime 100 mass spectrometer linked to an Elementar 140 
Pyrocube analyser at the University of Lancaster (Wynn et al., 2014). Sulphur and oxygen isotopic data are 141 
presented relative to V-CDT (Vienna-Canyon Diablo Troilite) and V-SMOW (Vienna-Standard Mean Ocean Water) 142 
respectively. The international standards NBS-127 (+21.1‰) and SO5 (+0.5‰) were used to calibrate sulphur 143 
isotope data. For the oxygen isotopes the international standards NBS-127 (+9.3‰) and SO6 (-11.35‰) were used. 144 
The precision for standard replicates (n=4, 1SD) was <0.1‰ for sulphur and <0.2‰ for oxygen. Three samples (C4, 145 
C5 and C11) contained pyrite grains which oxidized during the preparation procedure and lead to contamination 146 
(Marenco et al., 2008) and were therefore excluded. 147 
 148 
Oxygen isotopes were analyzed on three quartz samples on a Finnigan MAT 253 mass spectrometer at the British 149 
Geological Survey following the fluorination method described by Clayton and Mayeda (1963) (Table 1). The 150 
samples were added to 1 M HCl and rinsed with deionised water prior to analysis in order to remove any calcite 151 
from the samples. The data are corrected to V-SMOW using the standard BFC (M. Leng et al., 2001; M. J. Leng & 152 
Sloane, 2008) (assumed value 29‰). The precision for standard replicates was <0.1‰ and the sample 153 
reproducibility (1SD) was 0.1‰. 154 
 155 
Pyrite sulphur isotope measurements were carried out at Scottish Universities Environmental Research Centre 156 
(SUERC) (Table 1). The pyrite samples were converted to SO2 by combustion under vacuum at 1070 °C with 157 
cuprous oxide after the method of Robinson and Kusakabe (1975). The gas was then purified cryogenically and 158 
analyzed on a VG SIRA II gas mass spectrometer. The two native sulphur samples were measured in the same way 159 
as the pyrites. The sulphur isotopic data were corrected to V-CDT using the international standards NBS-123 160 
(+17.1‰), IAEA-S-3 (-31‰) and the internal lab standard CP-1 (-4.6‰).  161 
 162 
3.3 Rare earth elements 163 
 164 
Rare earth element concentrations in 15 calcite nodules were measured on an Agilent 7500cx ICP-MS at the 165 
University of Manchester (Table 1 &2, Fig. 4). 100 mg of crushed calcite sample was digested overnight in 5 ml of 166 
6 M HCl. A subsample of the liquid phase was extracted and diluted to a <0.1% TDS solution for analysis. Typical 167 
relative errors for REE standard concentrations were less than 5%. The concentrations were normalized to Post-168 
Archean Average Australian Shale (PAAS) (McLennan, 1989; Nance & Taylor, 1976). Two samples (C1 & A3) 169 
exhibit very low REE concentrations (on the same level as the measured blanks) and are therefore excluded from the 170 
following interpretation. In three samples (A2, C14 & C10) the Ho concentration is below the blank level and was 171 
also excluded from this interpretation. In 8 samples the europium concentration was corrupted by barium oxide 172 
interference (Dulski, 1994; Jarvis et al., 1989)(Fig. 4b). In these samples the Ba concentration is up to 2200 ppm and 173 
shows an almost perfect linear correlation with the Eu concentration (R2=0.98) (Fig. 4e). The remaining 5 samples 174 
(C4, C5, C6, C11 & C12) lie above this trend with a low Ba concentration and are considered reliable. 175 
 176 
4.3 Fluid inclusions micro thermometry 177 
 178 
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Fluid inclusion homogenisation temperatures were measured on double polished thin sections at ExxonMobil 179 
Upstream Research Company (Texas, USA) and Fluid, Inc. (Colorado, USA) (Table 3). The fluid inclusion analyses 180 
were conducted on different samples than the REE and stable isotope measurements except for sample Q2. Fluid 181 
inclusion analysis was performed following the fluid inclusion assembly (FIA) method described by (Goldstein & 182 
Reynolds, 1994) and reported as the range of homogenisation temperatures found in the assemblage with the number 183 
of inclusions observed (Table 3). This technique consists of finding the highest homogenization temperature (Th) for 184 
aqueous, methane-bearing, fluid-inclusion assemblages. The temperature at which the fluid inclusion was trapped is 185 
recorded in the homogenization temperatures of aqueous fluid inclusions. Fluid inclusions examined in this study 186 
occur as both primary and secondary inclusions in different mineral phases (dolomite, quartz, fracture-filling calcite, 187 
fluorite and calcite that replaced anhydrite). Because gas inclusions are present in all observed phases coexisting 188 
with many of these aqueous inclusion assemblages, the assumption is that no pressure correction is required, and 189 
thus the Th value represents a true original trapping temperature along the water liquid-vapor saturation (or bubble 190 
point) curve. Thus, primary inclusions represent an original crystallization temperature of the mineral growth zone 191 
in which they are hosted, and secondary inclusions potentially represent a maximum temperature post-192 
crystallization. The homogenization temperatures of aqueous fluid inclusions can provide accurate estimates of 193 
maximum temperature at peak burial or record the process of some anomalous temperatures not related to burial, 194 
such as hydrothermal activity. 195 
4 Results 196 
4.1 Mineralogy and petrography 197 
The Madison Formation in the LaBarge Field is dominated by skeletal packstone (Fig. 3a & b). The bioclasts are 50 198 
- 300 µm in size and include foraminifers and brachiopods, bivalve and echinoderm fragments. All skeletal grains 199 
are micritized except for some echinoderm fragments (Fig. 3a & b). All primary inter- and intraparticle porosity is 200 
cemented by micro-spar. Based on the viewed drill cores, approximately 60% of the Madison Formation limestone 201 
is pervasively dolomitized (Fig. 3c). The dolomite is finely crystalline and equigranular with a crystal size of 202 
approximately 50 µm. The crystal shapes are euhedral whereas some micritized skeletal grains are replaced by 203 
subhedral dolomite (Fig. 3c). The dolomite is fabric preserving and can have high intercrystalline porosity. Part of 204 
this porosity is subsequently filled with poikilotopic calcite cement with crystal sizes up to 3 mm (Fig. 3d). Bedding 205 
parallel low (0.5 cm) and high (3 cm) amplitude stylolites are found mainly in the limestone but occur also in the 206 
dolomite. 207 
In addition to limestone and dolomite, silicified limestone occurs in three different forms: bedding parallel bands of 208 
silicified limestone, chalcedony and quartz along the rim of former anhydrite nodules and silicified dolomite breccia. 209 
The silicified limestone bands are bound by stylolites and consist of mainly 20 µm to 100 µm anhedral quartz 210 
crystals. These crystals are precipitated around and partially replacing skeletal grains. They are mainly found in drill 211 
core FC15-28 and LR8-11 around 140 m and 250 m beneath the top of the Madison Formation. The second silica 212 
form consists of chalcedony rosettes 1 mm in diameter and submilimeter, anhedral and sometimes radially oriented 213 
quartz crystals. The chalcedony and quartz crystals are precipitated in the rims of former anhydrite nodules and in 214 
one case replaced the former anhydrite nodule completely (Fig. 3h). This silica form encompasses significant 215 
volumes of anhydrite and some fluorite inclusions and is most abundant in drill core FC13-10. The third silica form 216 
is a silicified dolomite breccia composed of in-equigranular concretion of <200 µm sized anhedral quartz crystals 217 
surrounded by equigranular 10 µm sized anhedral quartz crystals (Fig. 3e). The coarser quartz crystals sometimes 218 
form pseudomorphs of quartz after dolomite. The dolomite around the quartz forms concretions of coarser dolomite 219 
surrounded by very fine grained dolomite. This suggests that the quartz is not brecciated itself but replaced and 220 
cemented a dolomite breccia. The dolomite breccia replacing quartz occurs in all three drill cores at 2123 m, 1913 m 221 
and 2001 m true vertical depth subsea (TVD SS) in drill cores FC15-28, LR8-11 and FC13-10, respectively. These 222 
depths correspond to approximately 176 m depth from the top of the Madison Formation in all three drill cores. 223 
Beside the micro-spar there are two more forms of authigenic calcite: fracture-filling calcite and calcite that replaced 224 
anhydrite. The fracture-filling calcite forms subhedral blocky calcite crystals up to several centimetres in diameter 225 
that are precipitated in fractures in the limestone and dolomite host rock (Fig. 3f). Sparse pyrite, galena and apatite 226 
micro-inclusions and quartz and fluorite crystals are enclosed by this calcite phase. This phase is abundant in drill 227 
cores FC15-28 and FC13-10 but has not been found in drill core LR8-11. 228 
Fluorite is found in two different forms at two different times in the paragenetic sequence: the first occurrence is as 229 
inclusions in quartz, fracture-filling calcite and calcite that replaced anhydrite and the second occurrence is as 230 
fracture-filling fluorite. The inclusions are up to 15 µm in size and sometimes associated with anhydrite inclusions. 231 
Confidential manuscript submitted to Geochemistry, Geophysics, Geosystems 
 
The fluorite cemented fracture consists of 1 mm sized anhedral crystals and crosscuts and fills a reopened calcite-232 
cemented fracture in drill core FC15-28 at 2120.1 m TVD SS. Subhedral saddle dolomite crystals, 5 mm in size, are 233 
found in drill core FC13-10 at 2057 m TVD SS. The saddle dolomite encloses quartz, fluorite and fracture-filling 234 
calcite crystals. 235 
The former anhydrite nodules are completely replaced by calcite except for some micro-inclusions (Fig. 3g & h & 236 
Appendix). This calcite phase exhibits anhedral to subhedral crystals from 100 to 500 µm in size with an 237 
interlocking fabric. Two calcite nodules have a centimetre sized calcite crystal in the centre (Fig. 3h). This calcite 238 
phase has abundant pyrite, anhydrite and fluorite inclusions of up to 25 µm, 50 µm and 15 µm in size, respectively. 239 
Additionally there are a few <20 µm sized dolomite, celestine, sylvite, sylvenite, barite and apatite inclusions. In the 240 
chalcedony and quartz-rimmed nodules, the calcite encloses some of the silica crystals. 241 
Pyrite and minor amounts of sphalerite are found at the base of the Madison Formation in all three drill cores, and 242 
are most abundant in drill core FC15-28. The pyrite and sphalerite form up to 1 mm sized subhedral to euhedral 243 
crystals. Pyrite is precipitated along and within reopened stylolites and is often associated with solid bitumen. In 244 
calcite that replaced anhydrite, pyrite is also located within calcite crystals and on crystal boundaries. The pyrite is 245 
present as dissemination in the host rock and sometimes overgrows fine dolomite grains. Sphalerite is found 246 
precipitated along with pyrite in the same mineral associations, but is not present in all sites of pyrite mineralisation. 247 
Solid bitumen is found as small concretions alongside stylolites, crosscutting fracture-filling calcite and in pores of 248 
the calcite that replaced anhydrite. Native sulphur was found in two places: in between calcite that replaced 249 
anhydrite crystals in drill core FC15-28 at 2153.2 m TVD SS (Fig. 3g) and within a pyrite and solid bitumen vein in 250 
drill core FC13-10 at 1830.4 m TVD SS (Table 1). 251 
4.2 Rare earth elements and Yttrium 252 
All rare earth elements and yttrium (REEY) concentrations are normalized to PAAS (Table 2). The fracture-filling 253 
calcite (samples C6 and C12) and the calcite that replaced anhydrite (C4, C5, C11, A1(C), A1(F), A2, C2, C8, C9, 254 
C10 and C14) show distinct REE patterns (Fig. 4). The two fracture-filling coarse crystalline calcites (samples C6 255 
and C12) have a flat REEY pattern with distinct negative cerium and positive yttrium anomalies (Fig. 4a). The 256 
patterns are similar to seawater measurements except for a relative depletion in heavy rare earth elements (HREE) 257 
(Mitra et al., 1994; Schmidt et al., 2007) (Fig. 4a). The Y/Ho ratios for the two samples are 52 and 72, which is in 258 
the range of seawater (44-74) (Bau and Dulski, 1995). These samples plot in the far right corner of the Ce-Pr-259 
anomaly diagram (Bau and Dulski, 1996) which is in the range of seawater values (Fig. 4e). The total concentration 260 
in REE in these samples is 65 and 19 ppm.  261 
The REEY patterns of the majority of the calcite that replaced anhydrite samples (A1(C), A1(F), A2, C2, C8, C9, 262 
C10 and C14) are characterized by a flat to slightly convex upward shaped pattern with a slight increase from light 263 
rare earth elements (LREE) to HREE (Fig. 4b). The Y/Ho ratios lie in the range of seawater values (Bau and Dulski, 264 
1995), with the exception of two samples (C2 and C9) that have a Y/Ho ratio of 31 and 89. Three samples (C8, C9 265 
and C14) from drill core LR8-11 plot in the negative cerium anomaly field in the Ce-Pr-anomaly diagram (Bau and 266 
Dulski, 1996), whereas the rest of the samples exhibit no cerium anomaly (Fig. 4e). The mean absolute REE 267 
concentration in these samples is 2 ppm (0.6 to 5.9, n=12). In sample A1 the rim (A1(F)) and core (A1(C)) of the 268 
nodule were analyzed and resulted in a very similar REE pattern but the calculated Ce and Pr anomalies shift 269 
towards a more positive Ce and more negative Pr anomaly from rim to core (Fig. 4e). 270 
Of the samples where calcite replaced anhydrite, there are three samples (C11, C5 & C4) with REE patterns unlike 271 
the rest (Fig. 4c), all collected from drill core FC15-28 (2153.9 m, 2202.6 m and 2202.8 m TVD SS; Fig. 1c). They 272 
show a convex upward increase in LREE up to europium and a continuous decrease in HREEY with positive 273 
europium and yttrium anomalies (Fig. 4c). The Y/Ho ratios in these samples are 37, 41 and 49 and they do not have 274 
a distinct Cerium anomaly (Bau and Dulski, 1996) (Fig. 4e). The total concentration in REE in these samples is 4, 9 275 
and 11 ppm. 276 
4.3 Stable isotopes  277 
The stable isotope data is presented in the order of the paragenetic sequence. Three quartz samples consisting of a 278 
siliceous band (sample C3), a silicified breccia (sample Q1) and a quartz nodule (sample Q2) have a very similar 279 
oxygen isotopic signature of 28.1‰, 27.5‰ and 28.1‰ V-SMOW respectively (Table 1). The original limestone 280 
samples (L1(1), L1(2), C7(L) and A4(L)) comprises a mean δ13C value of 2.0‰ V-PDB (1.5 to 3‰, n=4) and a 281 
mean δ18O value of -7.9‰ V-PDB (-8.9 to -7.3‰, n=4), where n is the number of different samples analyzed except 282 
for sample L1 where the same sample was sampled twice (Table 1 & Fig. 5). The dolomite host rock samples (D1, 283 
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D2, D3 and D4) have a mean δ13C value of 3.8‰ V-PDB (2.0 to 7.2‰, n=4) and δ18O value of -2.1‰ V-PDB (-3.3 284 
to 0.0‰, n=4) (Table 1 & Fig. 5). The coarse-grained fracture-filling calcite samples (A4, C12, C6, A5 and LB2) 285 
have a positive mean δ13C value of 1.4‰ V-PDB (0.7 to 2.4‰, n=5) and a negative mean δ18O value of -8.4‰ V-286 
PDB (-10.0 to -6.6‰, n=5) (Table 1 & Fig. 5). The saddle dolomite sample (A4(D)) has δ13C and δ18O values of 287 
1.9‰ V-PDB and -9.8‰ V-PDB respectively (Table 1 & Fig. 5). The calcite that replaced anhydrite samples (Table 288 
1) have a distinct negative carbon isotope composition of -11.6‰ V-PDB (-18.3 to -5.9‰, n=18) and an oxygen 289 
isotope composition of -11.6‰ V-PDB (-13.7 to -8.6‰, n=18). Sample A1 shows a higher δ13C and lower δ18O 290 
value in the rim (sample A1(F)) than in the core (sample A1(C); Table 1 & Fig. 5). 291 
The pyrite samples seem to form two groups based on their sulphur isotopic signatures (δ34S) (Fig. 6a). One sample 292 
group (samples P4, P5(1), P5(2) and P11) exhibits a very negative mean δ34S value of -25.9‰ (-33.2 to -19.5‰, 293 
n=4), whilst the remaining samples show positive δ34S values with a mean of 6.9‰ (3.6 to 9.5‰, n=8) (Table 1). 294 
Two native sulphur samples (samples S1 and S2) have δ34S values of -0.2‰ and 10.7‰ (Table 1 & Fig. 6a). The 295 
isotopic values of the fracture-filling CAS are δ34S 15.3‰ and δ18O 14.7‰ (Fig. 6b). The mean δ34S value of the 296 
nodular CAS samples is 20.2‰ (15.3 to 22.3‰, n=11) and the associated δ18O value is 17.3‰ (15.1 to 18.6‰, 297 
n=10) (Fig. 6b). The nodular CAS sample A1 shows a simultaneous increase in δ34S and δ18O values from rim to 298 
core (Fig. 6b). 299 
The CAS sulphur and oxygen isotopes exhibit two systematic linear trends when compared to each other and to 300 
carbon isotopes. The first trend is from lighter CAS δ18O and δ34S values to heavier ones in the fracture-filling 301 
calcite and nodular calcite samples (Fig. 6b). This trend has a coefficient of determination (R2) of 0.83. In the second 302 
trend the nodular CAS samples vary from heavier δ13C and lighter δ18O and δ34S values to lighter δ13C and heavier 303 
δ18O and δ34S values (Fig. 6c & d). The observed trend is not linear and exhibits two different slopes (Fig. 6c & d). 304 
At first the CAS δ18O and δ34S increase gradually with decreasing δ13C values but then the trend changes and δ13C 305 
values decrease with almost no change in CAS δ18O and δ34S values. The gradual change of δ13C with CAS δ18O and 306 
δ34S values exhibits a R2 of 0.96 and 0.76, respectively. 307 
4.4 Fluid inclusions 308 
Homogenisation temperatures (Th) and freezing point depressions (Tm ice) of primary and secondary aqueous fluid 309 
inclusion assemblages hosted in micro-spar, quartz, fracture-filling calcite, fluorite, saddle dolomite and calcite that 310 
replaced anhydrite were measured in core samples from three wells (Fig. 7, Table 3).  311 
The analyzed quartz samples tend to have an euhedral crystal habit with a cloudy inclusion-rich core followed by a 312 
clear, relatively inclusion-free rim. In drill core FC13-10, Th values of primary inclusions decrease from ~140-145 313 
°C in the cloudy core to ~115 °C at the boundary with the clear rim, indicating a temperature drop during quartz 314 
precipitation (Fig. 7). In FC15-28 fluorite-hosted primary fluid inclusions have Th values of 105 to 115 °C, very 315 
similar to the temperatures in the outer growth zone of euhedral quartz. This suggests these phases may have formed 316 
close in time to each other. Primary fluid inclusions in calcite that replaced anhydrite have Th  of ≥ 175 °C (Table 3). 317 
Following crystallization of all phases, secondary fluid inclusion assemblages hosted in quartz, fluorite, and calcite 318 
indicate that fluids with a maximum temperature of ~210-215 °C migrated through the Madison Formation (Table 3 319 
& Fig. 7).  320 
Fluid inclusion salinities are generally significantly higher than seawater (Table 3). Primary inclusions in quartz and 321 
fluorite almost ubiquitously have salinities in excess of 21 weight % (NaCl equivalent). However, primary 322 
inclusions in calcite that replaced anhydrite and secondary inclusions in quartz and calcite that replaced anhydrite 323 
tend to have lower salinities. The final ice melting temperature of many of these later inclusions were difficult to 324 
measure due to a high concentration of CH4±CO2±H2S dissolved in the water resulting in clathrate formation upon 325 
freezing. Thus, some salinity values represent a maximum, rather than absolute value (see Table 3). Regardless, 326 
these salinities are lower than the salinities found in primary inclusions in quartz and fluorite (Table 3).  327 
5 Data interpretation 328 
5.1. Paragenetic sequence 329 
The observed limestone texture and composition are consistent with the interpretation that the Madison Formation 330 
was deposited in a shallow water, subtidal setting (Gutschick & Sandberg, 1983; Sando, 1976). Dolomitisation has 331 
been interpreted to have occurred during early burial by seepage and reflux of hypersaline brines (Moore, 1995; 332 
Moore, 2001; Smith, 1991; Sonnenfeld, 1996a) and the observations made in this study are consistent with that 333 
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interpretation. On the basis that quartz replaces the dolomitic breccia and is enveloped by fracture-filling calcite, 334 
quartz and silica are interpreted to have formed before the fracture-filling calcite. The small variation in oxygen 335 
isotopic values from the silica phases suggests that precipitation occurred from a single fluid in a narrow time range. 336 
The decreasing fluid inclusion homogenisation temperatures from core to rim in the quartz relpaced anhydrite 337 
nodule suggests precipitation from a hydrothermal fluid that cooled from 165 °C to potentially ambient temperatures 338 
of 115 °C (Table 3). Subsequently, some micro-fractures developed and were occluded by fracture-filling calcite, 339 
most likely from the same fluid as the quartz.  340 
 341 
Fluorite inclusions were observed alongside anhydrite in quartz replacing anhydrite and in calcite that replaced 342 
anhydrite. This suggests that the first fluorite phase was evaporitic in origin, in agreement with observations in 343 
dolomitic rocks of the Florida aquifer (Cook et al., 1985). The source for the second fluorite phase, occurring as a 344 
single vein and postdating the fracture-filling calcite, is likely external in origin. The fluid inclusion homogenisation 345 
temperature of this vein fits with the interpretation of a brine cooling to ambient temperature of 105 - 115 °C and 346 
precipitating quartz, fracture-filling calcite and then fluorite. The saddle dolomite postdates the fracture-filling 347 
calcite since the dolomite crystals enclose some fracture-filling calcite crystals. 348 
 349 
The last precipitating phase of calcite is that which replaced anhydrite. The observation of large crystals in the centre 350 
of the nodules suggests that the anhydrite was replaced from rim towards the core which is consistent with 351 
observations elsewhere (Alonso-Zarza et al., 2002; Hesse, 1989; Milliken, 1979; Worden & Smalgeoley, 1996). 352 
Pyrite and minor amounts of sphalerite are precipitated along grain boundaries and enclosed within calcite crystals 353 
that replaced anhydrite, implying contemporaneous formation. Solid bitumen and native sulphur precipitated either 354 
contemporaneously or later than the calcite that replaced anhydrite since they are precipitated in between calcite 355 
crystals. 356 
5.2. Evidence for TSR 357 
Evidence for in situ sulphate reduction at the LaBarge Field comes from the identification of various reduced 358 
sulphur phases including native sulphur, pyrite, sphalerite and H2S. In addition, other known by-products of sulphur 359 
reduction were observed, including calcite that replaced anhydrite and solid bitumen (Kelemen et al., 2010; Kendall, 360 
2001; King et al., 2014; Machel, 2001) which are related in time and space to the reduced sulphur phases. 361 
 362 
Depending on the reaction temperature, sulphate reduction is usually caused by either bacterial or thermochemical 363 
sulphate reduction (Machel, 2001 and references therein). To explain the presence of solid bitumen, oil had to be 364 
present in the reservoir at some time prior to or concomitant with sulphate reduction.  Oil is reported to have 365 
migrated into the Madison Formation around 76-84 Ma ago (Roberts et al., 2005). At that time the formation 366 
temperature was approximately 90-120 °C based on the thermal history reported by (Roberts et al., 2005). During 367 
and after oil migration into the LaBarge field, the formation temperature was too high (>80 °C) for bacterial 368 
sulphate reduction (BSR) (Machel, 2001 and references therein). Fluid inclusion data infer precipitation 369 
temperatures of >175 °C for the calcite that replaced anhydrite and therefore also exclude BSR as a sulphate 370 
reduction mechanism (Table 3). In addition, the gas composition at the LaBarge Field is more analogous to other 371 
systems with ≥5-10% H2S that is reported to be a product of TSR rather than BSR (Machel, 2001 and references 372 
therein). 373 
 374 
5.3. Rare earth elements 375 
 376 
Calcite REEY patterns are influenced by the fluid composition and physicochemical precipitation conditions (Bau & 377 
Möller, 1992). In sedimentary carbonate reservoirs the REEY pattern of the precursor limestone can be preserved 378 
during diagenesis and dolomitization under low and moderate fluid-rock ratios (Banner et al., 1988). The fracture-379 
filling calcite samples have similar REEY patterns to seawater, with characteristic Ce and Y/Ho anomalies (Fig. 4a). 380 
Their lower HREE abundance compared to seawater could arise from the decreasing compatibility of HREE that are 381 
incorporated in diagenetic calcite, compared to LREE (Fig. 4a) (Tanaka & Kawabe, 2006; Zhong & Mucci, 1995). 382 
The cerium anomaly calculated by the method of Bau and Dulski (1996) can indicate the oxidation state of the fluid 383 
at the time of the calcite precipitation (Fig. 4e). Under oxic conditions cerium is oxidised to the immobile ion Ce4+ 384 
and hence the fluid will have a depleted cerium concentration. Alternatively the cerium anomaly can be derived 385 
from the host rock during fluid-rock interaction. The REEY pattern and the cerium anomaly of the fracture-filling 386 
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calcite are likely inherited from the host rock probably through recrystallization of the micro-spar. Further support 387 
for this comes from oxygen isotopic data which will be discussed in the next subsection. 388 
 389 
The majority of calcite that replaced anhydrite samples have flat REEY pattern with Y/Ho ratios mainly in the range 390 
of seawater, a low to non-existent cerium anomaly and an order of magnitude lower concentration of REE than 391 
fracture filling calcite samples. The Y/Ho ratios suggest the fluid inherited the Y/Ho during replacement of 392 
anhydrite. The two Y/Ho ratios that are slightly above and below seawater values are harder to explain. The 393 
calculated cerium anomalies in these samples lie on a trend from negative Ce and positive Pr anomalies to no Ce and 394 
Pr anomalies, which indicates a trend towards a more reducing environment (Fig. 4e). This trend is also seen in 395 
sample A1, which shows more reducing conditions from the rim (A1(F)) to the core (A1(C)) of the sample. 396 
 397 
Additionally, there are three anhydrite replacing calcite phases (sample C4, C5 and C11) that show convex upward 398 
shaped REEY patterns with positive Eu and Y/Ho anomalies. Convex upward shaped REE patterns have been 399 
documented for many hydrothermal waters and carbonates that formed from acidic crustal fluids (Bau & Möller, 400 
1992; Hecht et al., 1999; Lüders et al., 1993; Michard, 1989; Möller, 1983; Ohr et al., 1994). In these studies, the 401 
fluids most likely originated from interactions with pelitic metasediments or gneisses under acidic conditions 402 
whereby apatite is mobilized (Hecht et al., 1999; Möller et al., 1997; Ohr et al., 1994). Yttrium and holmium exhibit 403 
a similar geochemical behaviour and therefore remain coupled during many geochemical processes (Bau & Dulski, 404 
1999; Jochum et al., 1986). Volcanic and detrital rocks exhibit chondritic Y/Ho ratios of 28 (Bau, 1996; Jochum et 405 
al., 1986) and therefore crustal fluids exhibit chondritic rather than superchondritic Y/Ho ratios (>28). The 406 
superchondritic values of the three dissimilar calcites that replaced anhydrite, however, could have formed during 407 
fluid advection, whereby Y is less adsorbed than any other trivalent REE (Möller, 1997; Möller et al., 2004). An 408 
excess of Eu relative to the neighbouring REE is generated during water rock interaction at temperatures >200 °C 409 
(Bau, 1991; Sverjensky, 1984). Under these conditions the Eu ions are reduced to Eu2+ which are less susceptible to 410 
sorption and preferentially transported in the fluid (Bau & Möller, 1992; Bau, 1991). The Eu anomaly remains even 411 
if the fluids migrate into a cooler, oxidizing region where Eu3+ is incorporated into the precipitating calcite (Bau et 412 
al., 2010). Eu3+ is preferentially incorporated into calcite due to its smaller ionic radius compared to Eu2+ (Lüders et 413 
al., 1993). The production of a positive Eu anomaly without high temperature water-rock interaction is unlikely due 414 
to the low oxygen fugacity required to reduce Eu2+ at low temperature (Bau & Möller, 1992; Bau, 1991), except 415 
when the H2S concentration exceeds the SO4
2- concentration in the fluid (Lüders et al., 1993; Möller, 1983). Positive 416 
Eu anomalies could even be produced in closed system basins if burial temperatures exceed 200°C and fluid rock 417 
interaction occurs (Jiang et al., 2015). In the LaBarge Field the maximum estimated burial depth of the base of the 418 
Madison Formation was 6600 m. When interpreted in the context of a known geothermal gradient of 28.8 °C/km 419 
and surface temperatures of 25°C , this yields a maximum burial temperature of 215 °C (Fig. 2) (Roberts et al., 420 
2005). However, uncertainties associated with estimates of exhumation and erosion are sufficient for this 421 
temperature to be within error of the 200 °C required for an Eu anomaly in a closed system. Alternatively, it is 422 
possible that the observed positive Eu anomalies are related to a hydrothermal fluid. There is no distinct cerium 423 
anomaly measured in these samples, which indicates precipitation under reducing conditions. In conclusion, these 424 
three samples indicate a different fluid at a different time in the system. 425 
5.4 Carbon and oxygen isotopes and fluid temperatures  426 
The limestone host rock at the LaBarge Field has a carbon and oxygen isotopic signature consistent with other 427 
measurements of the Mississippian Madison Formation in Wyoming (e.g. (δ13C 0.5 to 6.5‰, δ18O -5.5 to -1‰) 428 
Budai and Cummings, 1987 ; (δ13C -3 to 7‰, δ18O -9 to 3‰) Katz et al., 2006). The Mississippian seawater oxygen 429 
isotopic composition has been estimated to be between -1‰ and -5.3‰ V-SMOW (Came et al., 2007; Veizer et al., 430 
2000; Wallmann, 2004) which equates to a limestone of -3.7‰ to -7.8‰ V-PDB at a typical precipitation 431 
temperature of 25 °C (Kim & O’Neil, 1997). The oxygen isotope of the limestone at the LaBarge Field (-7.3‰ to -432 
8.9‰ V-PDB) is lighter than these estimates and therefore another process likely modified the original composition. 433 
The oxygen isotopic composition of the fracture-filling calcite, however, overlaps with those of the limestone, which 434 
suggests that the micro-spar recrystallised during the precipitation of the fracture-filling calcite and hence lowered 435 
the limestone's oxygen isotope value (Fig. 5). This is in agreement with the seawater like REE composition of the 436 
fracture-filling calcite inherited from interaction with the micro-spar. The carbon and oxygen isotopes of the 437 
dolomite host rock are consistent with previous observations of the Madison Formation where the dolomite was 438 
interpreted to have formed as early diagenetic phase by reflux of hypersaline brines (e.g.(δ13C 0.5 to 4.1‰, δ18O -3.2 439 
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to 1‰) Budai et al., 1984; Smith, 1991; (δ13C -1 to 6.9‰, δ18O -8.5 to 3‰) Smith et al., 2004; (δ13C -2.9 to 7.1‰, 440 
δ18O -8.9 to 6.3‰) Katz, 2008).  441 
To integrate the fluid origins of the different phases the fluid compositions were calculated based on the mineral 442 
δ18O composition combined with the fluid inclusion microthermometry data. The anhydrite-replacement quartz 443 
(sample Q2), with an oxygen isotope composition of 28.1‰, is in equilibrium with a fluid ranging from 12.2 to 444 
8.5‰ V-SMOW at the inferred precipitation temperatures from primary fluid inclusion homogenisation 445 
temperatures in quartz from 145 - 115 °C (Clayton et al., 1972). Since the fluid inclusion homogenisation 446 
temperatures in quartz decrease from core to rim and exhibits a high salinity, the quartz likely precipitated from an 447 
external fluid with an isotopically heavy composition, such as a basinal brine that was mobilized through laramide 448 
deformation. 449 
As discussed above, fracture-filling calcite precipitation postdates quartz precipitation but predates the precipitation 450 
of fluorite in the vein. Given that there are independent constraints on the precipitation temperature of quartz at 145-451 
115 °C and a well defined paragenesis, it can be assumed that the fracture filling calcite precipitated at a similar 452 
temperature to that of the quartz. If the fracture filling calcite did precipitate at a temperature of 115 °C, it would 453 
have precipitated from a fluid with an oxygen isotope composition of 7.6‰ V-SMOW (Kim & O’Neil, 1997) based 454 
on the average measured isotopic signature of the four samples. This is close to the lowest value calculated from the 455 
last precipitating quartz sample, and suggests that these phases precipitated from a common pore fluid. Furthermore, 456 
the similar carbon isotopic composition of the fracture-filling calcite to that of the Madison Formation host rock 457 
suggests that this calcite precipitated from a fluid in equilibrium with the host rock with moderate to low fluid-rock 458 
ratios (Sheppard & Schwarz, 1970). 459 
The carbon isotopic value of the saddle dolomite (1.9‰) suggests that it also precipitated from a fluid in equilibrium 460 
with the host rock because of the overlap in their isotopic signatures (Table 1). The saddle dolomite postdates the 461 
fracture-filling calcite, with primary fluid inclusion homogenization temperatures demonstrating that this 462 
precipitated at 145-160 °C. A fluid in equilibrium with the oxygen isotopic value of the saddle dolomite at these 463 
temperatures would have a heavy isotopic composition, between 7.9 and 9.6‰ V-SMOW (Kim & O’Neil, 1997; 464 
Sheppard & Schwarz, 1970). These values are within the range of those estimated for the precipitation of quartz and 465 
fracture filling calcite, again indicative of precipitation from a common pore fluid at increasingly elevated 466 
temperatures. 467 
 468 
The carbon and oxygen isotopes of the calcite that replaced anhydrite form a distinct group. The carbon isotopes of 469 
the calcite that replaced anhydrite samples are strikingly clustered at <-5‰ and are all at least 5‰ lighter than the 470 
host rock (Fig. 5). This large difference between the host rock and the calcite that replaced anhydrite indicates that 471 
there must have been a source of isotopically light carbon in the fluid when this calcite phase precipitated. Potential 472 
sources of isotopically light carbon at the temperatures at which calcite-replacement of anhydrite took place (175-473 
200 °C based on fluid inclusion homogenization temperatures) include hydrocarbons or carbon dioxide. The oxygen 474 
isotope values of these samples cluster between average host rock values and much lower values of up to -13.7‰ V-475 
PDB. The low oxygen isotopic values could have originated from either precipitation at increasingly elevated 476 
temperatures or precipitation from an isotopically light fluid. The most common, volumetrically abundant, 477 
isotopically light diagenetic fluid is meteoric water but given that this precipitation occurred at burial depths of 478 
several kilometres this is highly unlikely. Using the average oxygen isotopic composition and the fluid inclusion 479 
homogenisation temperatures (175-200 °C) of anhydrite-replacement calcite, the oxygen isotopic composition of the 480 
fluid from which this cement precipitated was estimated to be 10.7 to 12.9‰ (V-SMOW) (Kim & O’Neil, 1997). It 481 
is unclear from the stable isotopes alone if this isotopically heavy fluid could either be an external crustal fluid or the 482 
result of fluid rock interaction of indigenous formation water at high temperatures. 483 
5.5. CAS stable isotope fractionation in TSR 484 
The CAS isotopic signature of the fracture-filling calcites are interpreted to record the sulphate present in the 485 
reservoir prior to TSR as their values lie in the range of Mississippian seawater of δ34S 14-21.5‰ and δ18O 14-18‰ 486 
(Claypool et al., 1980; Kampschulte et al., 2001; Kampschulte & Strauss, 2004). This suggests that the 487 
Mississippian anhydrites were controlling the aqueous sulphate prior to TSR (Fig. 6b). The nodular CAS sample 488 
with the lowest δ34S and δ18O isotopic values (sample C10) exhibits an isotopic composition very close to the 489 
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fracture-filling calcite sample (sample C12) and supports the previous inference that the Mississippian sulphate 490 
source dominated when the TSR process started. An additional influx of dissolved sulphate from the overlying 491 
Permian Phosphoria Formation characterised by much lower sulphur and oxygen isotopic values has been suggested 492 
previously (King et al., 2014), but this is not supported by the CAS data presented here (Fig. 6b). 493 
 494 
The variation and correlation between sulphur and oxygen isotopes in CAS can be caused by primary (sedimentary) 495 
or secondary diagenetic processes. In the first case, the isotopic signature would be indicative of evaporite 496 
precipitation prior to burial. However, the fractionation is negligible between seawater sulphate and the precipitating 497 
anhydrite (Burdett et al., 1989; Kampschulte et al., 2001; Kampschulte & Strauss, 2004; Newton et al., 2004) and 498 
hence no isotopic difference would be expected between the different samples. Support for this comes from the 499 
observation that only a few anhydrite micro-inclusions are present in the calcite that replaced anhydrite. Hence most 500 
of the CAS is interpreted to be lattice bound sulphate that was incorporated into the precipitating calcite. 501 
Consequently the isotopic composition of CAS represents the sulphate composition of the fluid at the time of calcite 502 
replacement. As such, there is no plausible explanation for a primary origin of the isotopic co-variation in the CAS 503 
(Fig. 6b).  504 
 505 
The second possibility for the correlation of the oxygen and sulphur isotopes is a secondary process such as BSR or 506 
TSR. In redox reactions such as these, the isotopic values of the source material increases successively with 507 
continuous reaction progress due to the preferential reaction of the lighter isotopes (a normal isotope effect), 508 
enriching the residual source material in the heavier isotope. In BSR systems, increasing isotopic values with 509 
increasing depth have been observed and related to increasing reaction progression (Aharon & Fu, 2000, 2003; 510 
Antler et al., 2013; Böttcher et al., 1998; Fritz et al., 1989; Strebel et al., 1990). In these systems, a linear correlation 511 
between δ34S and δ18O isotopes has been attributed to kinetic fractionation of oxygen and sulphur isotopes during 512 
the same reaction step (Aharon & Fu, 2000, 2003; Antler et al., 2013). Kinetic fractionation of sulphur isotopes 513 
during TSR has also been observed experimentally (Cross et al., 2004; Kiyosu, 1980; Kiyosu & Krouse, 1993, 1990; 514 
Meshoulam et al., 2016). In the LaBarge Field, TSR is the dominant sulphate reduction process that fractionated the 515 
sulphate. The slope of the correlation between the CAS oxygen and sulphur isotopes (δ18O/δ34S) is 0.53, which 516 
means that the sulphur fractionation is almost double that of oxygen (Fig. 6b).  517 
 518 
Further isotopic variation caused by TSR can be found among the products of the redox reaction. The calcite that 519 
replaced anhydrite exhibits a trend from heavier δ13C and lighter δ18O and δ34S values to lighter δ13C and heavier 520 
δ18O and δ34S values (Fig. 6c & d). In the first segment (upper arrow in Fig. 6c & d) the decrease in δ13C values 521 
could arise from mixing of the carbon already present in the pore water (as HCO3
-) with an isotopically light carbon 522 
(as CO2(g)) produced as a by-product of TSR. This is in agreement with the simultaneous increase in CAS δ
18O and 523 
δ34S that arose as a result of the progressive distillation of these isotopes during TSR. A similar trend has been 524 
observed in other TSR reservoirs where decreasing δ13C values in calcite have been attributed to an increased extent 525 
of anhydrite reaction (Machel et al., 1995; Worden & Smalgeoley, 1996) and decreasing δ13C values in water have 526 
been associated with the progress of TSR (Wynn et al., 2010). Sample A1 which has been analysed in the rim and 527 
core is in agreement with this observed trend and records an evolving fluid composition at two different times. The 528 
carbon and CAS isotopic data of sample A1(C) plot at the intersection of the two observed trends (circled sample in 529 
Fig. 6c & d). The growth of the large calcite crystal in this sample reflects slower precipitation near equilibrium and 530 
therefore could represent the termination of the TSR process in this system. 531 
 532 
In the second segment (lower arrow in Fig. 6c & d) the continuous decrease in δ13C is not accompanied by a 533 
continuous increase in CAS δ18O and δ34S. This shift in isotope evolution was attributed to be associated with fluid 534 
mixing with an external carbon source that is not connected to the TSR process (Fig.6c & d). The addition of 535 
isotopically light or hot CO2 will change the carbon isotopic composition of the fluid but will not have an influence 536 
on the sulphate isotopic composition of the fluid since the isotope exchange reaction between dissolved sulphate and 537 
water is extremely slow (Llyod, 1967). The δ13C of the CO2(g) present today in the LaBarge Field has an average 538 
value of -5.2‰ (-5.45 to -5.02‰, n=8) (Frost, 2011) and is in equilibrium with the isotopically lightest calcites at 539 
210°C (Clark & Fritz, 1997; Romanek et al., 1992; Sheppard & Schwarz, 1970). This segment might record a 540 
formation fluid no longer influenced by TSR but instead by the influx of CO2. There is not enough resolution or data 541 
to unambiguously determine whether the hydrothermal CO2 arrived prior to, during or after TSR, although it seems 542 
unlikely that it entered prior or during TSR because of the apparent equilibrium precipitation of the large crystals 543 
that precede the onset of precipitation of isotopically lighter calcite (Fig. 6c & d).  544 
 545 
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Other products of TSR in the LaBarge Field are H2S and the metal sulphides that potentially precipitated from it. In 546 
a closed system the kinetic fractionation of TSR can be described as a Rayleigh type fractionation process (Kiyosu 547 
& Krouse, 1990). Starting with an initial sulphate isotopic composition of 15.3‰ and a H2S(g) in equilibrium with 548 
the pyrite with the lowest positive δ34S value of +3.6‰ (Ohmoto & Rye, 1979) the temperature at which the 549 
fractionation factor matches these numbers can be inferred. The fractionation factor Py-SO4
2- is -11.7 (Kiyosu & 550 
Krouse, 1990; Ohmoto & Rye, 1979) at a temperature of 155 °C. The successive increase in δ34S of subsequent 551 
pyrite phases could then be explained by formation from an increasingly isotopically enriched H2S. The 552 
accumulated H2S would reach the observed δ
34S value of 10‰ (King et al., 2014) after over 80% of the sulphate is 553 
consumed. In the temperature range of TSR (>100 °C) (Machel, 2001), the fractionation between sulphate and 554 
sulphide is not large enough to form isotopically negative pyrites which have been identified in two of the cores 555 
(Kiyosu & Krouse, 1990). Even though there is no petrographic indication or other evidence for bacterial sulphate 556 
reduction these isotopically negative pyrites have likely formed diagenetically below 80 °C (Machel, 2001 and 557 
references therein). 558 
 559 
6 Discussion 560 
6.1 Sulphur cycling and duration of TSR 561 
Sulphur cycling in the LaBarge Field can be traced by estimating source and sink material affected by TSR. The 562 
gross rock volume of the LaBarge reservoir is estimated to be 1400 km3 based on a reservoir map (Stilwell 1989) 563 
(Fig. 1b). The average porosity is 9% (Huang et al., 2007), which yields a total pore volume of 126 km3. An 564 
estimated volume of former anhydrite nodules in the drill cores of 0.2 vol% would equate to 2.55 x 109 m3 or 5.6 x 565 
1013 mol in the reservoir. The amount of CO2 is estimated to be 3.15 x 10
+12 m3 STP (DeBuin, 1991; Lynds 2010). 566 
Based on an assumed CO2-H2S ratio of 1:13 (gas composition of 65% CO2 and 5% H2S) (Huang et al., 2007) and 567 
this CO2 volume, the H2S gas volume is calculated to be 2.4 x 10
11 m3, or 9.8 x 1012 mol. The amount of anhydrite 568 
therefore exceeds the amount of H2S by a factor 6. The overall TSR reaction (CaSO4
 + HC -> H2S + CaCO3/CO2 + 569 
solid bitumen + altered HC+H2O) would yield 1 mol of H2S for each mol of reacted anhydrite (Goldhaber & Orr, 570 
1995; Machel, 1987b; Orr, 1974). Therefore it is likely that the H2S found in the Madison Formation in the LaBarge 571 
Field has been produced from the dissolved local anhydrite without an external sulphate source even though no 572 
primary anhydrite is left. It is proposed that dissolved sulphate remained abundant in the fluid since calcite that 573 
precipitated after TSR also contains sulphate and present day fluids hold 10000 mg/L SO4
2- (Blondes et al., 2014). 574 
The discrepancy between the amount of anhydrite and H2S could be associated with spatial heterogeneity in the 575 
anhydrite content of the Madison Formation, with H2S migration out of the reservoir or another reason for anhydrite 576 
dissolution unrelated to sulphate reduction. Alternatively, it could be explained by sulphide precipitation, which 577 
consumes 2 moles of H2S for each mole of pyrite precipitated. The amount of pyrite estimated through logging of 578 
the three drill cores is approximately 10 ppm and equates to 4 x 10+4 mol and results in 8 x 10+4 moles of H2S 579 
consumed. This suggests that sulphide precipitation played a subordinate role in reducing the amount of H2S in the 580 
reservoir, compared to the 9.8 x 10+12 moles of H2S present today. 581 
The kinetics and duration of TSR are not well understood (Machel, 2001). Due to the extensive fractionation in 582 
δ34Ssulphate the rate limiting step was likely the reduction rather than sulphate dissolution (Fig. 6b; Meshoulam et al., 583 
2016). Goldhaber and Orr, (1995) estimated a rate for the reduction step of 10-6 moles of sulphate per litre per year 584 
for high H2S systems at 150 °C. In the LaBarge Field the amount of reacted sulphate is at least the equivalent of the 585 
total amount of H2S (9.8 x 10
12 mol). Assuming a total pore space of 1.26*1010 m3 (Huang et al., 2007; Stilwell, 586 
1989) filled with water, the pore fluid would have had a sulphate concentration of 0.8 mol/L. This concentration 587 
would take approximately 80 ka to react (Goldhaber & Orr, 1995). The reaction time could increase if there was a 588 
higher initial sulphate concentration or decrease if the TSR process occurred at a higher temperature than 150 °C. 589 
Aqueous fluid inclusions in calcite that replaced anhydrite (>175 °C) provide good evidence that temperatures 590 
exceeded 150 °C (i.e. up to 200 °C; Fig. 7) and as such, this time represents an upper limit on the likely duration of 591 
TSR in the LaBarge Field.  592 
6.2 Fluid sources and timing of TSR 593 
The composition of the main fluid phases that circulated in the reservoir are recorded in the fracture-filling calcite, 594 
the solid bitumen and the calcite that replaced anhydrite (Fig. 8). The fracture-filling calcite cement most likely 595 
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precipitated from a saline brine following quartz precipitation. This is supported by the quartz fluid inclusion 596 
homogenisation temperatures showing decreasing temperatures from the core of the crystals to the rim (Fig. 7). 597 
During or following fracture-filling calcite precipitation, the reservoir was charged with oil from the overlying 598 
Phosphoria Formation (Johnson, 2005)(Fig. 8). The calcite that replaced anhydrite formed after the influx of oil and 599 
the start of TSR, indicated by the low carbon isotopic values, the more reducing conditions indicated by the lack of 600 
negative cerium anomalies, and the solid bitumen co-/post-precipitation. TSR progressed in the reservoir and altered 601 
the fluid composition as suggested by the increase in CAS isotopic values with decreasing carbon isotopic values. At 602 
some point, TSR ceased and the fluid composition remained stable and close to equilibrium for some time, reflected 603 
in the development of large crystals in the core of some calcite that replaced anhydrite nodules. There is no direct 604 
evidence of the limiting factor that caused the TSR process in the LaBarge Field to cease, but a likely explanation is 605 
that the heavy hydrocarbons were totally consumed and the reaction could not progress with methane as the only 606 
organic source left in the reservoir (Amrani et al., 2008; Machel, 2001 and references therein). The excess of a 607 
reaction product, however, could also have halted the reaction. This raises the possibility of a pause between TSR 608 
and the influx of the CO2, and suggests that the influx of CO2 did not influence the progression of TSR in the 609 
LaBarge Field.  610 
 611 
Following TSR, hydrothermal CO2 is interpreted to have flooded the reservoir, reflected in the decreasing carbon 612 
isotopic composition with limited variation in the CAS isotopic composition in some of the calcite that replaced 613 
anhydrite samples (Fig. 6 c & d). The gaseous CO2 that currently occupies the reservoir is in equilibrium with the 614 
lightest carbon isotope signatures in calcite at a temperature of 210 °C (Clark & Fritz, 1997; Romanek et al., 1992; 615 
Sheppard & Schwarz, 1970). Indeed, the observed positive Eu anomalies and the convex upward shaped REE 616 
pattern in three of the calcite that replaced anhydrite samples indicate the presence of an acidic hydrothermal fluid 617 
and are therefore probably related to the external CO2 influx. The three calcite phases that replaced anhydrite 618 
samples from drill core FC15-28 are the deepest samples (2150 to 2200 m TVD SS) and are located next to a 619 
basement-involved reverse fault (Kraig et al., 1987), hence the fluid might have entered the reservoir along this fault 620 
(Stilwell, 1989). This interpretation is supported by the observation that CO2 concentration increases towards the 621 
base of the reservoir and towards this fault (Stilwell, 1989). The source of the CO2, however, remains uncertain; the 622 
CO2 has a δ
13C and a 3He/CO2 ratio in mantle range (Frost, 2011; Merrill et al., 2014), yet there is no evidence that a 623 
magmatic fluid could have produced the convex upward shaped REE pattern with a positive Eu anomaly (Banks et 624 
al., 1994) unless it interacted with meta-sediments along the flow path. 625 
 626 
7 Conclusion 627 
(1) Mineralogical and petrographical observations, along with the burial history and fluid inclusion data, argue for 628 
in-situ TSR in the LaBarge Field.  629 
(2) It has been shown that sulphate sulphur and oxygen isotopes co-fractionated during the TSR process. This 630 
indicates a fractionation in the same reaction step during which the sulphur isotopes fractionate almost twice the 631 
amount of the oxygen isotopes. The CAS isotopic data also reveal that a single Mississippian sulphate source was 632 
involved in TSR. 633 
(3) The progression of the TSR reaction is illustrated by the co-fractionation in CAS isotopes to higher values, 634 
accompanied by a decreasing δ13C value. The end of TSR is marked by the precipitation of large calcite crystals in 635 
the core of some calcite that replaced anhydrite nodules.  636 
(4) The limiting factor for TSR is likely the exhaustion of heavy hydrocarbons since mass balance calculations and 637 
present day pore-fluid analyses suggest that dissolved sulphate occurred in excess.  638 
(5) The approximate length of TSR is 80 ka, based on a reaction rate from Goldhaber and Orr (1995) and the 639 
assumption of a reaction step limiting system due to the extensive sulphate fractionation (Meshoulam et al., 2016). 640 
Depending on the reservoir age, dating techniques could also provide useful constraints about the duration of the 641 
TSR process at the LaBarge Field. 642 
(6) An influx of an external source of CO2 after the cessation of TSR is marked by a trend of decreasing δ
13C with 643 
limited changes in CAS isotopic values. This suggests that the influx of CO2 did not influence the TSR process. A 644 
possible entry point for the CO2 could be located along the reverse fault on the west side of the field based on 645 
observations from REE data. The source of the CO2 remains controversial, however, future Nd isotopic 646 
measurements could help to distinguish between a mantle and a crustal origin of CO2 and lead to a better 647 
understanding of the timing of the CO2 influx and narrow the age and temperature range of the TSR process. 648 
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(7) Altogether, it has been shown that the combination of petrography, REE, fluid inclusion and stable isotope 649 
measurements can be useful to disentangle the fluid history of a large reservoir and could help to predict the 650 
occurrence and magnitude of TSR elsewhere. 651 
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 1134 
 1135 
Figure captions 1136 
 1137 
Figure 1a) Map of the Moxa Arch with main tectonic features in the area modified after Becker and Lynds, (2012). 1138 
The LaBarge Field is coloured in grey. b) Map of the LaBarge Field with contour lines of the top of the Madison 1139 
Formation and gas water contact in TVD SS modified after (Stilwell, 1989) c) integrity of three viewed drill cores 1140 
and their relative depth in the Moxa Arch. 1141 
 1142 
Figure 2 Burial history modified after Roberts et al., (2005) and adapted to 500 m further uplift at the LaBarge Field 1143 
in the last 5 Ma. The Madison Formation is highlighted in grey. Fm., Formation; Sh., Shale; Gp., Group; Ss., 1144 
Sandstone; L. Cret., Lower Cretaceous rocks. The surface temperature has been set at 25℃. 1145 
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 1146 
Figure 3 a & b) Madison limestone consisting of partially micritized foraminifers, brachiopods, bivalve and 1147 
echinoderm fragments with micro-spar filling the pore space c) fabric preserving euhedral to subhedral dolomite 1148 
with high intercrystalline porosity, d) fabric preserving euhedral to subhedral dolomite with poikilotopic calcite 1149 
cement filling the pore space, e) partially silicified dolomite breccia f) fracture-filling calcite in dolomite host rock 1150 
(sample C6), g) former anhydrite nodule replaced by calcite with elemental sulphur precipitated in between calcite 1151 
crystals (sample S2), h) former anhydrite nodule replaced by a succession of chalcedony and quartz precipitated in 1152 
the rim, followed by 100-500 µm sized calcite crystals (sample A1(F)) and a cm sized calcite crystal in the centre 1153 
(sample A1(C)). 1154 
 1155 
Figure 4 a-c) Rare earth element patterns from fracture-filling calcite, calcite that replaced anhydrite, 3 dissimilar 1156 
calcite that replaced anhydrite samples and seawater (Mitra et al., 1994). d) Barium and Europium concentrations. 1157 
Squares are fracture-filling calcite samples whereas circles are calcite that replaced anhydrite samples and triangles 1158 
are the 3 dissimilar calcite that replaced anhydrite samples. The samples from plot (b) correlate in their Ba and Eu 1159 
concentration and hence a severe BaO interference can't be ruled out. The fracture-filling calcite samples (a) and the 1160 
three samples from plot (c) lie above the correlation trend and have a reliable Eu concentration. e) Cerium anomaly 1161 
diagram from Bau and Dulski,( 1996). Samples in the bottom right quadrant have true cerium anomalies. The calcite 1162 
that replaced anhydrite sample with two different calcite textures was analyzed in the core and rim of the nodule and 1163 
is marked with a black line between the two measurement points. Black, grey and white symbols represent samples 1164 
from drill core FC13-10, LR8-11 and FC15-28 respectively. 1165 
 1166 
Figure 5 Carbon and oxygen isotopic data from carbonate samples. Sample A1 is marked with a black dotted line 1167 
between the core (A1(C)) and the rim (A1(F)) measurement. Black, grey, white and crossed symbols represent 1168 
samples from drill core FC13-10, LR8-11, FC15-28 and LR4-22 respectively. 1169 
 1170 
Figure 6 a) Sulphur isotopes in pyrite (diamonds) and native sulphur (triangles). b) CAS oxygen and sulphur 1171 
isotopes in fracture-filling calcite (square) and nodular calcite that replaced anhydrite (circles). There is a strong 1172 
correlation between the two isotopic values. c & d) CAS oxygen and sulphur isotopes versus carbon isotopes in 1173 
calcites that replace anhydrite. Sample A1 is marked with a black line between the core (A1(C)) and the rim (A1(F)) 1174 
measurement where the core of the sample with a cm seized calcite crystal is marked with a double circle. This 1175 
double circled sample lies between the two trends indicated by the arrows. Black, grey and white symbols represent 1176 
samples from drill core FC13-10, LR8-11 and FC15-28 respectively. 1177 
 1178 
Figure 7 Fluid inclusion homogenisation temperatures of primary (p) and secondary (s) fluid inclusion assemblages 1179 
(FIA) in microspar, quartz, fracture-filling calcite, fluorite, saddle dolomite and calcite that replaced anhydrite. 1180 
Samples from drill core FC13-10, FC15-28 and LR8-11 have black, white and grey filling colours, respectively. FIA 1181 
measured in the same sample are bracketed and in one quartz crystal a transect from core to rim has been measured.  1182 
 1183 
Figure 8 Precipitated mineral phases and fluid inputs with increasing time. 1184 
 1185 
Table 1 Rare earth element and yttrium concentrations and their relative standard error. 1186 
 1187 
Table 2 Stable isotope data from fracture-filling calcite (FFC), calcite that replaced anhydrite (CRA), saddle 1188 
dolomite (SD), pyrite (Py), elemental sulphur (S) and quartz (Q). 1189 
 1190 
Table 3 Homogenisation temperatures, freezing point depressions, and calculated salinities from fluid inclusion 1191 
assemblages in quartz, fluorite and calcite. Each row represents a distinct fluid inclusion assemblage according to 1192 
the criteria of Goldstein and Reynolds (1994). 1193 
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Figure 6.
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Drill core Sample Mineral phase Distance to TVD SS Carbonate Carbonate Pyrite/Sulphur CAS CAS Quartz REE
ID top Madison δ13CV-PDB δ18OV-PDB δ34SV-CDT δ34SV-CDT δ18OV-SMOW δ18OV-SMOW measurement
[m] [m] [‰] [‰] [‰] [‰] [‰] [‰]
FC13-10 S1 Elemental Sulphur 3.4 1830.4 -0.2
FC13-10 P4 Pyrite 249.6 2076.6 -30.2
FC13-10 P5(1) Pyrite 250.3 2077.3 -33.2
FC13-10 P5(2) Pyrite 250.3 2077.3 -20.5
FC13-10 P1 Pyrite 8.4 1835.4 6.6
FC13-10 P2 Pyrite 203.9 2030.9 8.8
FC13-10 P3 Pyrite 210.5 2037.5 9.5
FC13-10 A1(C)  Calcite that replaced Anhydrite (core) 245.8 2072.8 -11.0 -11.8 22.0 18.6 yes
FC13-10 A1(F)  Calcite that replaced Anhydrite (rim) 245.8 2072.8 -9.9 -12.2 18.4 17.6 yes
FC13-10 A2  Calcite that replaced Anhydrite 253.6 2080.6 -8.6 -12.9 18.8 15.9 yes
FC13-10 C12 Fracture-filling Calcite 107.3 1934.3 1.2 -6.8 15.3 14.7 yes
FC13-10 C13  Calcite that replaced Anhydrite 176.1 2003.1 -15.2 -13.7 20.5 17.6
FC13-10 C7  Calcite that replaced Anhydrite 241.4 2068.4 -9.2 -12.5 x x
FC13-10 C7(L) Limestone 241.4 2068.4 1.8 -8.9
FC13-10 A3  Calcite that replaced Anhydrite 242.2 2069.2 -5.9 -13.6 x x x
FC13-10 D1 Dolomite 169.8 1996.8 3.3 -3.3
FC13-10 D2 Dolomite 82.0 1909.0 1.9 -2.9
FC13-10 D3 Dolomite 147.3 1974.3 2.9 -2.2
FC13-10 D4 Dolomite 213.3 2040.3 7.2 0.0
FC13-10 L1(1) Limestone 157.6 1984.6 1.5 -8.2
FC13-10 L1(2) Limestone 157.6 1984.6 1.7 -7.3
FC13-10 A4(D) Saddle Dolomite 230.6 2057.6 1.9 -9.8
FC13-10 A4 Fracture-filling Calcite 230.6 2057.6 1.0 -9.4
FC13-10 A4(L) Limestone 230.6 2057.6 2.9 -7.3
FC13-10 Q1 Quartz 175.0 2002.0 27.5
FC13-10 Q2  Calcite that replaced Anhydrite and Quartz 12.6 1839.6 -18.3 -12.2 28.1
FC15-28 S2  Calcite that replaced Anhydrite/Elemental Sulphur 205.2 2153.2 -8.2 -13.3 10.7
FC15-28 P6 Pyrite 205.7 2153.7 8.0
FC15-28 P7 Pyrite 209.0 2157.0 6.6
FC15-28 P8 Pyrite 249.4 2197.4 4.1
FC15-28 P9 Pyrite 255.0 2203.0 7.9
FC15-28 P10 Pyrite 257.0 2205.0 3.6
FC15-28 C10  Calcite that replaced Anhydrite 62.3 2010.3 -8.2 -13.6 15.3 15.1 yes
FC15-28 C5  Calcite that replaced Anhydrite 255.0 2203.0 -13.9 -10.0 x x yes
FC15-28 C4  Calcite that replaced Anhydrite 255.1 2203.1 -9.8 -9.7 x x yes
FC15-28 C11  Calcite that replaced Anhydrite 206.3 2154.3 -10.3 -10.9 x x yes
FC15-28 A5 Fracture-filling Calcite 172.8 2120.8 2.3 -6.6
FC15-28 C6 Fracture-filling Calcite 135.3 2083.3 0.7 -10.0 yes
LR4-22 LB2 Fracture-filling Calcite 136.9 1920.0 1.7 -9.3
LR8-11 P11 Pyrite 256.9 1990.9 -19.5
LR8-11 C1  Calcite that replaced Anhydrite 254.8 1988.8 -16.6 -9.6 21.6 17.8 x
LR8-11 C14  Calcite that replaced Anhydrite 249.3 1983.3 -12.3 -9.1 21.3 17.7 yes
LR8-11 C2  Calcite that replaced Anhydrite 206.3 1940.3 -14.8 -11.1 22.7 17.9 yes
LR8-11 C3  Calcite that replaced Anhydrite and Quartz 251.0 1985.0 -13.5 -8.6 22.3 18.2 28.1
LR8-11 C8  Calcite that replaced Anhydrite 172.9 1906.9 -9.3 -11.4 18.8 17.2 yes
LR8-11 C9  Calcite that replaced Anhydrite 152.8 1886.8 -13.7 -12.5 20.9 x yes
Drill core Sample
ID  [ ppm ]  RSD  [ ppm ] RSD  [ ppm ] RSD  [ ppm ] RSD  [ ppm ]  RSD [ ppm ]  RSD
FC15-28 C6 6.07 1.2 16.47 0.5 6.63 2.4 1.91 0.4 7.37 0.5 1.24 1.97
FC13-10 C12 2.12 1.5 4.97 0.6 2.17 1.2 0.62 0.8 2.07 1.0 0.25 1.45
FC15-28 C5 76.62 0.5 0.28 1.7 0.72 0.9 0.12 1.1 0.58 0.4 0.15 3.84
FC15-28 C4 15.19 0.1 0.70 1.4 2.31 0.1 0.35 0.5 1.51 1.3 0.39 1.36
FC15-28 C11 94.91 0.2 0.87 0.7 2.26 1.1 0.29 1.3 1.11 1.3 0.23 4.08
LR8-11 C9 1346.50 1.1 0.24 1.9 0.26 1.7 0.04 3.6 0.15 1.7 0.04 2.79
LR8-11 C8 286.51 1.0 1.13 0.8 1.27 0.8 0.16 0.6 0.56 1.8 0.10 1.70
LR8-11 C2 139.01 1.2 0.22 0.7 0.63 1.3 0.09 2.7 0.34 2.3 0.08 1.36
FC13-10 A1(C) 72.60 1.9 0.21 1.1 0.49 0.5 0.05 2.2 0.19 2.7 0.05 8.79
FC13-10 A2 5.61 2.1 0.11 2.9 0.25 1.8 0.03 3.5 0.11 1.5 0.02 4.75
LR8-11 C14 961.26 1.0 0.14 1.5 0.24 0.4 0.03 2.5 0.13 4.2 0.03 5.51
FC13-10 A1(F) 320.22 1.3 0.31 1.1 0.73 0.5 0.08 2.3 0.30 2.0 0.08 2.88
FC15-28 C10 638.70 0.8 0.16 2.4 0.37 3.1 0.04 1.1 0.15 4.1 0.04 12.95
drill core Sample  [ ppm ]  RSD  [ ppm ] RSD  [ ppm ] RSD  [ ppm ] RSD  [ ppm ]  RSD [ ppm ]  RSD
FC15-28 C6 0.218 1.2 1.349 0.7 21.04 1.5 0.293 1.3 0.838 0.7 0.104 0.9
FC13-10 C12 0.040 3.4 0.215 1.7 2.73 0.6 0.053 3.1 0.157 1.2 0.027 3.5
FC15-28 C5 0.021 4.0 0.119 2.5 0.92 0.2 0.019 2.9 0.041 4.3 0.002 10.8
FC15-28 C4 0.062 1.2 0.334 1.3 2.24 0.4 0.055 0.8 0.126 1.6 0.010 6.4
FC15-28 C11 0.028 1.3 0.149 1.0 0.97 0.3 0.026 1.6 0.068 4.2 0.008 3.7
LR8-11 C9 0.005 3.3 0.047 5.7 0.89 0.6 0.010 6.0 0.034 2.5 0.003 3.4
LR8-11 C8 0.011 3.7 0.078 3.8 0.62 0.7 0.013 5.4 0.045 4.1 0.004 6.4
LR8-11 C2 0.009 4.1 0.046 3.5 0.26 0.5 0.009 4.5 0.023 4.7 0.003 6.3
FC13-10 A1(C) 0.010 5.8 0.057 2.2 0.75 1.4 0.012 2.7 0.029 3.6 0.003 4.9
FC13-10 A2 0.003 13.9 0.026 5.3 0.25 1.5 x x 0.015 0.9 0.002 5.9
LR8-11 C14 0.004 4.2 0.027 6.5 0.37 1.7 x x 0.015 4.5 0.002 7.9
FC13-10 A1(F) 0.018 2.1 0.110 0.6 1.42 1.0 0.021 3.6 0.056 3.1 0.006 3.9
FC15-28 C10 0.003 9.0 0.020 7.7 0.10 2.4 x x 0.010 7.6 0.001 5.9
146  Nd 147  Sm
159  Tb 
137  Ba  139  La 140  Ce 141  Pr 
165  Ho 169  Tm 163  Dy  89  Y  166  Er 
 [ ppm ]  RSD  [ ppm ]  RSD
0.27 0.9 1.55 1.4
0.06 2.3 0.26 1.8
0.06 2.3 0.17 1.9
0.16 2.6 0.42 1.0
0.08 2.6 0.21 1.7
x x 0.05 3.2
x x 0.10 4.8
x x 0.06 4.5
x x 0.06 5.6
x x 0.02 2.2
x x 0.04 10.0
x x 0.10 3.3
x x 0.03 9.6
 [ ppm ]  RSD  [ ppm ]  RSD
0.608 1.0 0.086 0.8
0.157 2.9 0.029 2.2
0.018 4.9 0.001 13.4
0.053 3.0 0.003 4.1
0.040 4.6 0.006 3.6
0.059 4.2 0.014 3.9
0.044 1.0 0.006 4.2
0.018 12.3 0.004 5.2
0.021 5.9 0.003 14.6
0.011 6.4 0.001 15.3
0.031 3.3 0.010 3.3
0.045 2.4 0.008 6.6
0.020 4.7 0.006 7.5
153  Eu  157  Gd 
172  Yb 175  Lu 
Well TVD SS 
[m]










FC13-10 1839 140-145(2) <-15 >18.6 quartz that replaced anhydrite primaries
140-145(2) <-15 >18.6 quartz that replaced anhydrite primaries
125-130(3) quartz that replaced anhydrite primaries
115-120(3) quartz that replaced anhydrite primaries
115-120(2) -16 19.4 quartz that replaced anhydrite primaries
115-120(2) -15 18.6 quartz that replaced anhydrite primaries
110-115(5) <-18 >21 quartz that replaced anhydrite primaries
110-115(3) <-18 >21 quartz that replaced anhydrite primaries
110-115(>10) quartz that replaced anhydrite primaries
150-155(4) >-6 >9.2 quartz that replaced anhydrite secondaries, later gas-rich inclusions
170-180(3) >-6 >9.2 quartz that replaced anhydrite secondaries, later gas-rich inclusions
195-200(>10) -4.2 6.7 calcite that replaced anhydrite primaries, Th max
FC13-10 1914 145-150 <-16 >19.4 fracture-filling calcite secondaries, Th max
FC13-10 2044 155-160 <-16 >19.4 fracture-filling calcite secondaries, Th max
FC13-10 2072 210-215 >-6 <9.2 calcite that replaced anhydrite secondaries double bubbles clear, Th max
FC15-28 1952 195-200 >-6 <9.2 calcite that replaced anhydrite secondaries, Th max
FC15-28 1999 115-120 <-16 >19.4 fracture-filling calcite secondaries, Th max  
FC15-28 2010 195-200 >-6 <9.2 calcite that replaced anhydrite secondaries, Th max
FC15-28 2020 135-140 <-18 >21 microspar calcite cement secondaries, Th max
FC15-28 2033 135-140 <-18 >21 microspar calcite cement secondaries, Th max
FC15-28 2087 200-215 >-6 <9.2 calcite that replaced anhydrite secondaries, Th max
155-160 <-18 >21 saddle dolomite primaries, Th max
FC15-28 2120 190-195 >-7 <10.5 calcite that replaced anhydrite primaries, Th max
110-115(4) <-18 >21 fluorite primaries
105-110(4) <-18 >21 fluorite primaries in last growth zone
150-160(5) <-18 >21 fluorite secondaries
145-150(5) <-18 >21 fluorite secondaries
120-125(4) <-18 >21 fluorite secondaries
120-125(3) <-18 >21 fluorite secondaries
115-120(>10) <-18 >21 fluorite secondaries
115-120(>10) <-18 >21 fluorite secondaries
105-110(6) <-18 >21 fluorite secondaries
100-110(>100) -18.6 21.4 fluorite secondaries
Well TVD SS 
[m]










FC15-28 2125 145-150(>10) -6.7 10 saddle dolomite primaries with gas inclusions
FC15-28 2150 200-215 >-7 <10.5 fluorite secondaries, lots of gas-filled inclusions
FC15-28 2201 200-215 -12 16 calcite that replaced anhydrite secondaries, Th max
FC15-28 2203 165-175(5) -9.2 13.1 quartz secondaries
165-175(4) -12 16 quartz secondaries
190-200(>10) quartz secondaries
145-150(4) -5.1 8 quartz secondaries
150-155(3) -6.8 10.2 quartz secondaries
145-150(3) -9 12.8 quartz secondaries
140-145(5) quartz secondaries
195-205(5) -2.2 3.7 calcite that replaced anhydrite secondaries
LR8-11 1390 155-160 <-18 >21 calcite that replaced anhydrite secondaries, Th max, clathrate present
125-135(5) <-18 >21 quartz primaries near rim
125-135(7) <-18 >21 quartz primaries near rim
130-140(4) <-18 >21 quartz primaries near rim
120-130(5) <-18 >21 quartz primaries near rim
LR8-11 1392 160-165 <-18 >21 quartz primary (possibly), Th max
150-160 >-7 <10.5 calcite that replaced anhydrite secondaries, Th max
LR8-11 1393 150-160 <-18 >20 quartz primaries (possibly)
LR8-11 1743 180-185 >-7 <10.5 calcite that replaced anhydrite secondaries, Th max
LR8-11 1818 175-180(4) calcite that replaced anhydrite primaries
LR8-11 1942 185-195(3) calcite that replaced anhydrite primaries near outer growth zone with gas-filled inclusions
LR8-11 1984 175-185(4) calcite that replaced anhydrite secondaries, abundant gas-filled inclusions present
LR8-11 1989 205-210 >-6 <9.2 calcite that replaced anhydrite secondaries, Th max
Th = liquid-vapor homogenization temperature; Tm = final ice melting temperature; Salinities 
